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Abstract  
 This study presents the isotopic compositions and concentrations of dissolved and particulate 
iron from two seawater profiles of the western and central equatorial Pacific Ocean, sampled during 
the EUCFe cruise. Most of the δ56Fe values are positive (relative to IRMM-14), from +0.01 to +0.58‰ 
in the dissolved fraction and from -0.02 to +0.46‰ in the particulate fraction. The mean 
measurement uncertainty is ±0.08‰ (2SD) and allows the observation of significant variations. 
Largest isotope variations occur in the vertical and not in the horizontal direction, implying that each 
isotope signature is preserved over long distances within a water mass. 
 The thermocline waters of the Papua New Guinea (PNG) area, mostly influenced by 
sedimentary inputs, display a mean δ56DFe value of +0.37‰ (±0.15‰, 2SD). This isotopic signature 
suggests that the process releasing dissolved iron to the seawater in this area is non reductive 
dissolution of sediments (discharged by local rivers and likely re-suspended by strong boundary 
currents), rather than Dissimilatory Iron Reduction (DIR) within the sediment (characterized by 
negative δ56DFe). These positive δ56DFe values seems to be the result of an isotopic fractionation of 
Δ56FeDFe-PFe= +0.20‰ on average (±0.11‰, 2SD) produced by the non reductive dissolution. At 0°N, 
180°E, the Fe isotope signature of the Equatorial Undercurrent (EUC) waters is identical to that of the 
PNG station within the range of the uncertainty. This suggests that the iron feeding the EUC, and 
ultimately the eastern Pacific high nutrient low chlorophyll area, is of PNG origin, likely released by a 
non reductive dissolution of terrigenous sediments.  
 Significant Fe removals are observed within the thermocline and the intermediate waters 
between the PNG and the open ocean stations. The corresponding isotopic fractionations appear to 
be small, with Δ56Feremoved-SW Fe values of -0.30±0.31‰ to -0.18±0.12‰ (2SD) for DFe removal and of 
-0.10±0.04‰ to -0.05±0.31‰ (2SD) for PFe removal. In the chlorophyll maximum of the open ocean 
station, the isotopic fractionation associated with biological uptake is estimated at Δ56Fephyto-DFe = 
-0.25±0.10‰ to -0.13±0.11‰ (2SD). Although these fractionations are based on limited dataset and 
need to be further constrained, they appear to be small and to limit the transformations of the iron 
source signatures within the ocean.  
 
Keywords: (6) iron isotopes, Equatorial Undercurrent, Papua New Guinea, equatorial Pacific, 
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1 Introduction 
 In wide regions of the ocean, phytoplankton growth does not use all of the available 
macronutrients. Such regions are called High Nutrient Low Chlorophyll (HNLC) areas (Southern 
Ocean, subartic and equatorial Pacific Oceans). Martin (1990) hypothesized that fertilization of the 
Southern Ocean with iron could have increased primary production and contributed to the CO2 
drawdown observed in the last glacial maximum. This hypothesis motivated numerous studies 
focused on iron during the last 2 decades. Although these studies revealed that Martin's "iron 
hypothesis" could only explain a fraction of the last glacial maximum CO2 drawdown (Kohfeld et al., 
2005), they confirmed the key role played by iron in the biological and chemical oceanic cycles (e.g., 
Boyd et al., 2007). 
 In seawater, iron occurs in two oxidation states, Fe(II) and Fe(III) , and in a wide range of   
chemical species. Although Fe(III) is the least soluble form, it is the thermodynamically favored form 
in oxic seawaters and the most abundant. Organic ligands complex to more than 90% of the 
dissolved iron (DFe) and control the solubility of the dissolved pool (Rue and Bruland, 1995 ; Kuma et 
al., 1996 ; Johnson et al., 1997). The particulate iron pool (PFe) encompasses biogenic forms 
(phyto/zooplankton and non-living organic matter) and inorganic forms. All these forms interact 
through numerous processes like biological uptake / degradation, adsorption / desorption, and 
precipitation / dissolution (e.g., de Baar et de Jong, 2001 ; Ussher et al., 2004). Uncertainties remain 
about these processes, such as the effect of organic complexation on the kinetics of the phase 
transitions, biological uptake, scavenging and on Fe bioavailability (Ussher et al., 2004). The Fe 
distribution in the ocean results from the balance between its sources and sinks. The only sink is the 
removal by settling particles whereas there are numerous potential iron sources. In the open ocean 
the main DFe source was traditionally considered to be atmospheric deposition (Jickells et al., 2005). 
During the last decade, numerous studies suggested that sedimentary inputs also have a significant 
impact on the global oceanic iron budget. These include shelf iron flux measurements in benthic 
chambers, water column Fe concentrations measurements and modeling (e.g., Coale et al., 1996; 
Elrod et al., 2004; Lam et al., 2006; 2008; Moore and Braucher, 2008; Slemons et al.,2009; Tagliabue 
et al., 2009; Severmann et al., 2010). Recently, hydrothermal contribution to surface DFe has been 
suggested to be significant, especially in the Southern Ocean (Tagliabue et al., 2010). However the 
relative importance of these different iron sources still remains to be quantified, in particular in HNLC 
areas.  
 Recent studies have suggested using the DFe isotope composition in the water column as a 
tracer of iron sources (Lacan et al., 2008; John and Adkins, 2010). The iron isotope composition is 






















Fe . In the following, the values 
of δ56Fe are reported relative to the IRMM (the δ56Fe of igneous rocks relative to IRMM is of  
+0.09±0.1‰, 2SD ; Beard et al., 2003a). The potential of this emerging tracer is notably related to the 
two distinct isotopic imprints of its main sources to the open ocean. δ56Fe values ranging from 
-3.31‰±0.07‰ to -1.73±0.04‰ (2 SD) in coastal sediment pore waters just below the seawater 
interface were interpreted as reflecting bacterial iron reduction (Severmann et al., 2006 ; Homoky et 
al., 2009). In addition, benthic chamber measurements from the Oregon-Californian continental shelf 
display an average δ56Fe value of -2.6±1.1‰ 2SD (Severmann et al., 2010). These studies imply that 
the diagenetic sedimentary source in reducing environments is likely characterized by a very negative 
δ56Fe signature. In contrast, aerosol δ56Fe values measured so far, ranging from -0.03‰ to 
0.24±0.08‰ (2SD; Beard et al., 2003b; Waeles et al., 2007) which is close to the crustal value : 
0.07±0.02‰ (2SD; Poitrasson, 2006). Some studies have characterized δ56Fe of other iron sources 
which may locally contribute to a significant flux. A few hydrothermal fluids have been measured and 
they display δ56Fe values between -0.65 and-0.12±0.06‰ (2SD) in the initial fluids (Sharma et al., 
2001; Beard et al., 2003b; Rouxel et al., 2008). Concerning river inputs, a range of -0.60±0.14‰ to 
+0.36±0.06‰ was measured in the DFe content of various fresh river waters, whereas a range of -
0.90±0.04‰ to 0.31±0.09‰ (2SD) was measured in the PFe (Bergquist and Boyle, 2006 ; Ingri et al., 
2006 ; de Jong et al., 2007 ; Escoube et al., 2009). In estuarine environments, a decreasing of the 
δ56Fe (down to -1.2‰) in the DFe pool was measured during the flocculation in the Scheldt estuary 
(de Jong et al., 2007), whereas no significant change was observed in the North River estuary (USA), 
with an average value of +0.43‰ in the DFe pool (Escoube et al., 2009). 
 In addition to the diversity of these source signatures, the processes involved in the 
transformations between the different iron species could potentially fractionate iron isotopes and 
modify the δ56Fe value of the DFe pool in seawater. Their influence on δ56Fe still remains unclear. 
Although none of these processes has been directly investigated under oceanic conditions, redox 
conversions seem to generate the largest isotopic fractionations, leading to a Fe(II) pool enriched in 
light isotopes and a Fe(III) pool enriched in heavy isotopes (e.g., Johnson et al., 2008). Among the 
numerous studies which have estimated isotopic fractionations (corresponding to in vitro 
experiments mostly), some of them are reported below. Oxidation of Fe(II)aq to Fe(III)aq followed by 
precipitation of Fe(III)aq as Fe oxides or hematite is suggested to lead to a fractionation such that 
Δ56Fe Fe(III)solid – Fe(II)aq+0.9 to +3.0‰, the dissolved Fe(II)aq remaining after these processes would then 
be lighter than the initial DFe (Bullen et al., 2001; Beard and Johnson, 2004). Reductive dissolution, in 
the presence of light and oxalate at pH=3-5, has been shown to fractionate iron isotopes : Δ56Fe 
Fe(II)aq-Goethite=-1.7 to 0‰ (dissolved Fe is lighter than the solid source ; Wiederhold et al., 2006) 
whereas proton promoted dissolution did not show any significant isotopic fractionation 
(Wiederhold et al., 2006; Waeles et al., 2007). Sorption mechanisms seems to fractionate Fe isotopes 
such that adsorbed Fe is heavier than the initial Fe(II)aq displaying a Δ
56FeFe(II)adsorb-Fe(II)aq of +0.3 to 
+0.9‰ for hematite and goethite respectively (Crosby et al., 2007; Johnson et al., 2008). 
Complexation of iron with siderophores has been shown to fractionate iron isotopes at acidic pH, 
yielding Δ56FeFe(III)siderophore-Fe(III)inorg= +0.60±0.15‰ (Dideriksen et al., 2008). Biological uptake 
performed by higher plants from soil iron (especially vegetables) may induce a small isotopic 
fractionation, incorporated iron being 0.2‰ heavier than the iron from soils (Δ56Feplants-soil+0.2‰ ; 
Guelke and Von Blanckenburg, 2007). While these isotopic fractionations may complicate the use of 
the iron isotopes as a source tracer, they may help understand the iron speciation in seawater. 
 While numerous studies report iron isotopic data in the marine environment, such as 
plankton tows, pore waters, aerosols, seafloor or estuaries (e.g., de Jong et al., 2007 ; Bergquist and 
Boyle, 2006 ; Severmann et al., 2006 ; Rouxel and Auro 2010), very few studies have provided δ56Fe 
of the seawater. Coastal seawater samples with relatively high DFe concentrations display δ56DFe 
values from −0.3‰ to +0.2±0.14‰ (2SD) in the North Sea (de Jong et al. ; 2007) and from 
-1.82±0.03‰ to 0.00±0.09‰ (2SD) in the San Pedro Basin off the Californian margin (John and 
Adkins, 2010). Open ocean seawaters, with DFe concentration exclusively lower than 0.9nM, have 
shown δ56DFe ranges from +0.3 to +0.7±0.07‰ (2SD) in the western Subtropical North Atlantic, 
(Lacan et al., 2010 ; John and Adkins,2010), from -0.13 to +0.21±0.08‰ (2SD)  in the south-eastern 
Atlantic (Cape Basin ; Lacan et al., 2008) and from -0.49 to -0.19±0.08‰ (2SD) in the Atlantic sector 
of the Antarctic zone (Lacan et al., 2010 ; incomplete data). Only one study reports δ56Fe data in the 
particulate fraction of the seawater and displays δ56PFe from -0.3 to +0.4±0.14‰ (2SD) in the North 
Sea (de Jong et al. ; 2007). Thus iron isotope data in the ocean are nearly inexistent (especially in the 
open ocean). This study presents the first substantial dataset of Fe isotope compositions in the 
ocean, with 2 profiles of concentration and δ56Fe in the dissolved and particulate fractions of 
seawater in the upper 900m of the water column in the western and central equatorial Pacific.  
 The western equatorial Pacific is a crossroads of water masses, those involved in the complex 
zonal circulation of the equatorial Pacific and those of the western boundary currents (Fine et al., 
1994). The Equatorial Undercurrent (EUC, see Figure 1) carries thermocline waters along the equator 
(Lukas and Firing, 1984) from the western boundary to the eastern equatorial Pacific HNCL area 
(Behrenfeld et al., 1996). Numerous studies have suggested that the EUC, which is enriched in Fe 
from the western part of the basin and mainly from the Papua New Guinea (PNG) area, is the main 
source of iron to the open equatorial Pacific Ocean (e.g., Coale et al., 1996; Mackey et al., 2002; 
Slemons et al., 2009). Using samples from the same cruise as this study, Slemons et al (2010) showed 
that there was a maximum of total dissolvable Fe associated  with the EUC (consistently 50-100m 
deeper than the maximum eastward velocity), and that this maximum was mainly composed of 
particulate Fe. The total Fe concentrations increased toward the west, also consistent with a western 
source. These studies therefore suggest that the EUC dynamic and its iron sources could control 
primary production in the eastern equatorial Pacific. However, there remains little understanding of 
the processes involved in the sources of iron to seawater in the western Pacific. 
 This study intends to answer to the following questions : Do the iron isotopes confirm that 
the Fe exported into the EUC is from the PNG area? Can they help to identify the Fe sources to the 
PNG area and the involved release processes? What does this new tracer teach us about the 
exchange processes between the different iron forms in the water column?  Do these processes 
fractionate iron isotopes?  
 
2 sample location and water mass identification  
 The samples presented in this study were collected at two stations in the equatorial Pacific 
Ocean during the EUCFe cruise (R/V Kilo Moana cruise 0625 ; 
http://www.ocean.washington.edu/cruises/KiloMoana2006) in August-September 2006. The 
samples presented in this study were collected over a depth  range of 0-900m, at 0.0°N 180.0°E in 
the open ocean (station 14), and at 3.4°S 143.9°E near the PNG coast (station 28), as shown in Figure 
1. Station 14 is an open ocean station while Station 28 is a coastal station. The regional circulation, 
simplified in Figure 1, indicates a continuity of the intermediate and thermocline waters between 
both stations, from the PNG area towards the central equatorial Pacific (Tsuchiya et al., 1989 ; 
Tsuchiya, 1991 ; Tsuchiya and Talley, 1996 ; Butt and Lindstrom, 1994 ; Fiedler and Talley, 2006 ; 
Maes et al., 2007). Figure 2A shows the potential temperature (),  salinity, and  potential density 
() of the water column down to 1000m at both stations (also reported at Table 1). These 
hydrographic parameters allow us to identify the water masses sampled in this study, and to point 
out the correspondences between the two stations. Two types of thermocline water masses were 
found in our profiles :  the South Pacific Equatorial Water (SPEW), which is characterized by a high 
salinity maximum at temperatures above 20°C (e.g., Tomczak and Godfrey, 2003), was sampled at 
191m St. 28  and at 140m St. 14, and the 13°C water (13CW ; Tsuchiya, 1981), underneath the SPEW, 
was sampled at 321m St. 28 and at 198m St. 14. The Antarctic Intermediate Water (AAIW), 
characterized by a salinity minimum, was sampled at St. 28 at 799m and at St. 14 at 849m. In the 
following, as a first order approximation, we will assume the AAIW, 13CW and SPEW sampled at 
station 14 come from the PNG area. 
 
3 Sampling and Methods 
The samples were collected with 10L acid-cleaned Go-Flo bottles attached on a trace-metal 
rosette (lent by Canadian GEOTRACES, University of Victoria, Canada and assembled at the University 
of Washington, USA ; Slemons et al., 2010). The filtration was performed within a home made plastic 
room pressurized with filtered air, within 4 hours of collection, with 0.4 µm pore size, 90mm 
diameter Nuclepore membranes, fitted in Savillex PTFE filter holders, connected with PTFE tubing to 
the Go-Flo bottles pressurized with filtered air. All acids mentioned in the following were double-
distilled, and their Fe concentration measured.  
The filtered seawater was acidified to pH 1.80 two years after collection, and 3 to 9 months 
before the beginning of the analytical chemical treatments. The dissolved fraction were processed 
according to the procedure briefly described in Lacan et al. (2008) and detailed in Lacan et al. (2010). 
Briefly this procedure consists in a preconcentration with a NTA Superflow resin and purification with 
an AG1X4 anionic resin (200-400 mesh). For the entire DFe treatments, the average recovery was 
91±25% (2SD, n=55), the blank was 2.9±1.6 ng (2SD, n=8).  
For the particulate fraction, the filters were leached during 2 steps of 90 minutes at 130°C in 
i) an aqua regia solution composed of 15ml of 6M HCl and 2.5ml of 14M HNO3) and ii) the same 
solution with an addition of 0.5ml HF of 23M, as describe by Lacan et al. (in preparation). Then the 
solution was purified using the same procedure used for the DFe samples (Lacan et al. 2010). The 
total analytic blank for the PFe contributed less than 10% of the natural PFe content. 
The iron isotope composition was measured with a Neptune Multi-Collector Inductively 
Coupled Plasma Mass Spectrometer (MC-ICPMS) at the Observatoire Midi Pyrénées (Toulouse, 
France). A 57Fe-58Fe double spike was used to correct the isotopic ratios from the artificial isotopic 
fractionations. The δ56Fe values were calculated relative to the average of IRMM-14 reference 
material measurements bracketing each sample. The internal precision of each measurement is given 
by the 2SE (2SE=2SD/√n ; table 1). The external precision was ±0.08 ‰ (2SD) and the δ56Fe 
measurements were unbiased. The general performances of this method including the validation 
steps and the precision calculations are detailed in Lacan et al. (2010). 
For this study, we performed several replicates of DFe samples at different steps of the 
processing (detailed in table 1). Three samples were split into duplicates before the chemical 
processing and they reproduced to within ±0.04‰ (2SD) on average. Also two samples were split 
into replicates after the chemical processing, just before the mass spectrometric analysis, and they 
reproduced to within ±0.05‰ (2SD) on average. We consider that the external precision of the 
MC-ICPMS measurement (±0.08‰, 2SD) best characterizes the measurement uncertainty, excepted 
two analyses showing 2SE greater than the external precision (2SE=±0.09‰) for which the 
uncertainty is the 2SE (see table 1).  
The double spike method coupled with Neptune MC-ICPMS analysis provides a precise and 
accurate determination of the iron concentration in the sample. The mean discrepancy between 
replicates was 1.9% (maximum discrepancy of 6.6%).   
 
4 Results of iron concentrations and δ56Fe 
The dissolved iron concentrations range from 0.06 to 1.46nM whereas the particulate iron 
concentrations range from 0.41 to 32.19nM (see Figure 3B and C and Table 1). Samples from the 
coastal station (28) display higher concentrations than samples from the open ocean station (14). At 
both stations, the PFe dominates the iron content.  
At station 28, the DFe concentrations range from 0.45 (at 94m) to 1.46 nM (at 800m). These 
values are lower than the DFe concentrations reported by Mackey et al. (2002), closer to the PNG 
coast in the upper 150m layer (between 1.3 and 2.6nM). The surface sample shows a local maximum 
of 0.89nM at the surface (40m depth, in the vicinity of the chlorophyll maximum), also observed in 
the total acid soluble iron data in Mackey et al. (2002) and Slemons et al (2010). At station 14 (open 
ocean), the DFe concentrations are very low in the upper 100m layer (0.06nM),  then increase 
sharply up to 0.5nM at 200m depth and remains almost constant down to 800m depth between 0.5 
and 0.6nM. This range is commonly observed in the open ocean (e.g., Johnson et al., 1997; de Baar 
and de Jong, 2001) and is in very good agreement with the few historical data available in the 
equatorial Pacific for depths shallower than 350m, i.e., at 140°W (Coale et al., 1996) and at 90°W 
(Gordon et al., 1998). The PFe concentration profile displays a vertical maximum at 198m in the 
lower part of the EUC, also observed by Slemons et al. (2010). Both present profiles have lower DFe 
concentration than those of Slemons et al. (2010). The later range from 0.3 to 1.3nM and 0.3 to 
4.2nM at Station 14 and 28 respectively and were obtained by Flow Injection Analysis in similar 
samples (from the same cruise and the same location but collected from different casts and acidified 
immediately). 
 Fe isotope compositions are displayed as function of potential density () in Figure 3A. Both 
fractions show positive values of δ56Fe (except one sample). They range from 0.01 to 0.58‰ in the 
dissolved fraction and from -0.02 to 0.46‰ in the particulate fraction. Taken as a whole, the δ56Fe 
data show largest variations in the vertical and not in the horizontal direction.  
 
5 Discussion  
Almost all the δ56Fe values are positive. Since, there is no direct marine iron source with a 
strong positive signature, positive δ56Fe in the seawater may be the result of fractionating processes. 
Considering the largest isotopic fractionations occur during redox reactions (e.g., Johnson et al., 
2008), the small δ56Fe variations observed in this study suggest the redox conversion is only of minor 
importance for water column processes. 
5.1 Papua New Guinea area (station 28): 
The coastal station (St. 28) is located about 30 km from the PNG coast, in the currents from 
the southeast carrying waters from 0 to 1000m of south Pacific origin equatorwards (Tsuchiya, 1991 ; 
Fine et al., 1994 ; Tsuchiya and Talley, 1996 ; Maes et al., 2007). Most of these waters have crossed 
the Vitiaz Strait via the New Guinea Coastal Undercurrent (NGCU ; Butt and Lindstrom, 1994 ; Fiedler 
and Talley, 2006) as shown in Figure 1.  
High iron content of seawaters observed in all samples from station 28 (Figure 3B and C) may 
reflect local inputs of iron since the stabilized concentrations found in the open ocean rarely reach 
1nM (e.g., Johnson et al. 1997 ; de Baar and de Jong, 2001). Indeed the northern PNG area is known 
to be subjected to significant local inputs of iron (e.g., Mackey et al., 2002). Isotopic compositions of 
dissolved Nd in seawater suggested that dissolution of PNG shelf sediments could account for the 
lithogenic enrichment of the oceanic waters from the surface down to 800m depth (Lacan and 
Jeandel, 2001). Total dissolvable Fe data in the Bismarck Sea show that the Fe concentrations within 
NGCU increase along the northern coast of PNG and suggest that this Fe maybe mainly supplied by 
slope sediments (Mackey et al., 2002; Slemons et al., 2010). The sediments being abundantly 
deposited on the shelf and slope by the local rivers (notably the Sepik river, located upstream of the 
station 28; see Figure 1; Milliman and Syvitski, 1992), the sedimentary source must be linked to the 
riverine inputs. Although other kinds of sources could be invoked in this area, these studies 
emphasize the dominant role played by sediment remobilization.  
The δ56Fe data range from 0.06 to 0.53±0.08‰ (2SD) in the DFe and from -0.02±0.09‰ to 
0.29‰ in the PFe. The PFe accounts for ~90% of the iron content. In each sample, the DFe shows 
higher δ56Fe than the PFe. Such DFe values are not consistent with the negative signature 
presupposed for the sedimentary source. As reported in the introduction, the sediments were found 
to release DFe with δ56Fe from -3.3 to -1.7‰ (Severmann et al., 2006; Homoky et al., 2009). These 
reported values, measured in three locations characterized by high organic carbon accumulation 
rates, reflect the process of bacterial dissimilatory iron reduction (DIR) within the reductive sediment 
and the intense redox-recycling at the interface (Severmann et al., 2006, 2010 ; Homoky et al., 2009). 
Thus, the positive δ56DFe measured in the water column of station 28 do not suggest a significant DIR 
source contribution and may involved another kind of sedimentary iron release. Although the most 
studied sedimentary input of iron is the one associated with bacterial reduction, the direct 
dissolution of sediment in oxic seawater also release dissolved elements (Jeandel et al., submitted ; 
Jones et al., submitted). Leaching experiments of sediments (in 0.5M HCl) from the northern PNG 
slope, sampled between 0 and 1200m depth, displays a mean δ56Fe value of +0.30±0.15‰ 2SD 
(compared to a mean initial δ56Fe of +0.01±0.18‰ 2SD; Murray et al., 2010). These values matches 
very closely the dissolved values measured in the water column of station 28 (+0.34±0.36‰ 2SD, 
averaged over the whole water column). Taken together, these arguments suggest that the process 
releasing iron from the sediments could be a non reductive dissolution of the sediments rather than 
the DIR process. The local strong currents along the shelf may maintain oxic conditions in the surface 
layer of the sediments and limit the impact of DIR on the water column. Moreover, very large river 
sediment discharges and re-suspension of solid sediments occurring along the PNG coast (e.g., 
Kineke et al., 2000) would favor contact between the oxic seawater and the sediments. The 
transmissometry profile (see Figure 5 in Slemons et al., 2010) shows turbid layers at station 28, 
especially between depths of 300 and 700 m, reflecting sediment re-suspension. This context, i.e., 
good oxygenation and resuspension of sediments, would favor such non reductive dissolution of 
sediment to the seawater rather than DIR.  
The vertical δ56Fe heterogeneity at station 28 is difficult to interpret since the δ56Fe of the 
upstream waters are unknown. Nevertheless, some hypotheses can be proposed. The surface sample 
(40m) shows a vertical maximum, especially in the particle fraction (up to 32nM). In addition to 
sediment remobilisation, iron inputs from aerosol and from rivers have to be considered for the 
surface layer. Based on Mn and Al data and modeling, dust deposition has been suggested to be 
possibly responsible for the high concentrations found above 100m (Slemons et al., 2010). The 
δ56DFe of +0.53‰ at 40m depth is, among all the samples of station 28, the most different from the 
range characterizing solid aerosols (from -0.03‰ to 0.24‰±0.08‰ 2SD observed in dusts, loess and 
continental aerosols ; Beard et al., 2003b; Waeles et al., 2007). Assuming the soluble iron derived 
from solid aerosols display a similar signature (Waeles et al., 2007), the δ56DFe at 40m suggests that 
atmospheric iron inputs to the surface waters of this area are not significant. Based on Rare Earth 
Element patterns, river input of dissolved material from the northern PNG coast has been suggested 
to be responsible for about a fifth of the lithogenic inputs to the undercurrents of the Bismarck 
Archipelago (Sholkovitz et al., 1999). Station 28, being downstream of the Sepik River, the δ56DFe in 
surface may also correspond to a riverine δ56DFe signature (Bergquist and Boyle, 2006 ; De Jong et 
al., 2007).   
At 800m depth, in the core of the AAIW, the δ56Fe is the lowest of the profile, with a value of 
+0.06‰ in DFe and -0.02‰ in PFe. These low δ56PFe particles may be re-suspended from initially low 
δ56Fe sediments (e.g. Yamaguchi et al., 2005) or may originate from hydrothermal activity (Rouxel et 
al. 2008). Actually there are numerous shallow ridges in the Bismarck Sea (e.g., Wells et al., 1999). 
Assuming the bulk of the DFe is released by a non reductive dissolution of the suspended particles 
within the seawater, the low δ56PFe could explain the low δ56DFe observed. Moreover the DFe 
concentration of 1.46nM at 800m suggests an input of DFe in this layer. Such low δ56DFe source 
could be the hydrothermal activity (Sharma et al., 2001; Beard et al., 2003b; Rouxel et al., 2008). 
Finally, the dominant source of iron to seawater in the PNG area is most likely a non reductive 
dissolution of iron from re-suspended sediments of the PNG margin. Because a contribution of other 
sources can not be completely rejected in surface and in the deep layer, we use the thermocline 
samples to characterize this new sedimentary signature. These samples display a DFe signature of 
+0.37‰ on average (±0.15‰, 2SD, n=3). Assuming the steady state of the δ56PFe in these samples 
(due to a large excess of PFe as a reactant) and that all DFe is released by the non reductive 
dissolution of the present suspended particles (Δ56FeDFe-PFe would correspond to the subtraction of 
δ56DFe and δ56PFe), we deduce that this process create an isotopic fractionation of Δ56FeDFe-PFe= 
+0.20‰ on average (±0.11‰, 2SD, n=2). Such process may partly explain the positive δ56DFe 
signature found in this study.  
 
5.2 Thermocline waters in the EUC  
The EUC is a strong eastward flowing current which cross the whole Pacific Ocean along the 
equator. It is centered in the pycnocline (between 100 and 300m depth, becoming shallower 
eastwards) with a maximum velocity around 1m/s (Wyrtki and Kilonsky, 1984). NGCU carries 
thermocline waters to the equator and constitutes the main source of waters to EUC at its western 
end (see Figure 1; Tsuchiya et al., 1989). As suggest by Goodman et al. (2005), over 2/3 of EUC waters 
at 140°W may be of southern origin.  
As shown in Figure 2A, the samples from 140 and 198m at station 14 correspond to the same 
water masses as the samples from 191 and 321m at station 28 respectively, the SPEW and the 13CW 
respectively. Thus these water masses were sampled twice at two locations along their route 
between the PNG area and the central Pacific, being first carried by the NGCU and then by the EUC.  
The δ56DFe of both water masses remain almost unchanged between stations 28 and 14 
(figure 3A and table 1): δ56Fe=0.29 and 0.40±0,08‰ (2SD) for the 13CW, and δ56Fe =0.43 and 
0.31±0,08‰ (2SD) for the SPEW, respectively. That is also the case for the δ56PFe. The constancy of 
the δ56Fe suggests that i) the Fe found in the EUC in the central Pacific is the same than the iron 
found in the PNG area, and thus the PNG is the source of iron to EUC, as already suggested by earlier 
studies (Lacan and Jeandel, 2001 ; Mackey et al., 2002 ; Slemons et al., 2010), and ii) that the iron 
isotopic signature has been preserved in the EUC. Consequently, we suggest that the PFe in the EUC 
at 0°N, 180°E is a residue of sediments initially re-suspended near the PNG margin while the DFe 
content is the result of a non reductive dissolution of these sediments. 
Along this flow, a removal of iron is observed between stations 28 and 14. While the upper 
part of the EUC (carrying the SPEW) have been abundantly renewed due to equatorial upwelling, the 
lower part of the EUC (carrying the 13CW) is not significantly diluted along the route (Tsushiya et al., 
1989) and allows observing the effect of the removal process on the δ56Fe. Assuming that the 13CW 
sampled at  station 28 is the source of the 13CW in the lower EUC at station 14, the most likely 
process which removes 31% of DFe (from 0.77 to 0.54nM) would be the adsorption of DFe on the 
settling particle surface (scavenging ; Slemons et al., in press). Because the δ56DFe difference 
between both locations is not significant, such removal seems not to fractionate iron isotopes. To 
further constrain this process, we estimated its isotopic fractionation. The isotopic fractionation 
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where f is the fraction of DFe remaining in the water relative to the initial DFe concentration (69% in 
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in the seawater respectively, for a given f value. Assuming a Rayleigh fractionation, equation 2 
quantifies the isotopic fractionation associated with the DFe removal, as a function of the difference 
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      (Equation 2) 
Equation 2 lead to an isotopic fractionation of Δ56Ferem DFe-SW DFe = -0.30±0.31‰ (2SD). Although the 
large uncertainty does not allow a confident interpretation of the fractionation direction, this 
estimation show that if there is an isotopic fractionation associated with scavenging of DFe from the 
water column, it is rather small.  
 In addition, 82% of the PFe is removed between station 28 and station 14, most likely by 
aggregation and settling of particles. As for the DFe removal, the resulting change of δ56PFe is not 
significant. This corresponds to a potential isotopic fractionation such as Δ56Ferem PFe-SW PFe = 
-0.05±0.07‰ (2SD ; as proceed for the DFe with Equation 2). This very small value is not surprising 
since one does not expect significant isotopic fractionation associated with such mechanisms.  
 
5.3 Antarctic Intermediate Water (AAIW) 
The AAIW reaches the equator from the South Pacific, carried by the intermediate NGCU via 
the PNG area (Tsuchiya, 1991; Tsuchiya and Talley, 1996). The isotopic composition of neodymium, 
that can be used to trace water mass pathways, also suggests that the AAIW found along the equator 
comes from the PNG area (Lacan and Jeandel, 2001). It will therefore be assumed in the following 
that the AAIW of station 28 is the source of the AAIW of station 14. The similarities of the potential 
temperatures and salinities of the AAIW from stations 28 and 14 support this assumption (Table 1 
and Figure 2).  
The DFe concentration in the AAIW decreases significantly from 1.46nM at station 28  to 
0.60nM at station 14 (Table 1). This corresponds to a 60% removal of the dissolved iron content. 
Despite this large iron removal, the δ56DFe remains nearly constant, varying from 0.06±0.08‰ (2SD) 
at station 28 to 0.22±0.08‰ (2SD) at station 14. The difference of these 2 values is just significant 
and allows estimating the isotopic fractionation induced by the DFe removal. Equation 2 leads to 
Δ56Ferem DFe - SW DFe  = -0.18±0.12‰ (2SD). Such isotopic fractionation is very low and is consistent with 
the Δ56Ferem DFe -SW DFe estimated in the 13CW. This negative value means that the process would favor 
the removal of light iron isotopes. Assuming that such fractionation is induced by adsorption of DFe 
onto particles, this is not coherent with the Δ56Fefe(II)adsorb-Fe(II)aq of +0,3 to +0,9‰ observed by Crosby 
et al. (2007) during in vitro experiments. This discrepancy is likely due to the contrasted conditions 
occurring in the Crosby et al. experiment compared with seawater : different iron forms are involved 
(mainly Fe(III) in seawater rather than Fe(II) in the in vitro experiment) and organic ligands may 
strongly interact with adsorption process in seawater.  
As for DFe, there is a major PFe removal (95%) between station 28 and station 14 in the 
AAIW. This removal, likely due to aggregation and settling of particles, accounts for an isotopic 
fractionation of Δ56Ferem PFe - SW PFe=-0.10±0.04‰ (2SD; according equation 2). This value is consistent 
with the Δ56Ferem PFe - SW PFe estimated in the 13CW and, once again, underlines the minor influence of 
the PFe removal on the δ56PFe signature. 
  The estimation of Δ56Ferem Fe - SW Fe in the AAIW has to be considered cautiously, keeping in 
mind the scarcity of the data and the assumptions involved. First, it assumes the removal is the only 
process undergone by the Fe between station 28 and 14 in the AAIW, which is not obvious for the 
DFe. Actually the dissolved oxygen profiles (Figure 2B) show that the oxygen content of the AAIW 
decreases significantly between these two locations, and suggests that significant bacterial 
remineralization occurred during the transit of the AAIW (mixing is neglected). The fractionation 
relative to the removal of DFe expressed here is valid only if the remineralization occurring in the 
water column does not affect the iron isotopes in the DFe. Moreover the contribution from 
additional iron sources along the route of the EUC cannot be excluded and could possibly explain the 
increase of δ56PFe between stations 28 and 14. 
 
5.4 Biological uptake in the central equatorial Pacific (0°N, 180°E, station 14) 
The surface waters at station 14 are fed by the equatorial upwelling and the westward flow 
of the South Equatorial Current (SEC ; Wyrtki and Kilonsky, 1984). The surface waters at station 14 
display low DFe concentrations (0.06nM). The flux of total iron from aerosols to the surface ocean 
was quantified during the cruise and found to be extremely low in this area (Shank and Johansen, 
2008). In addition the δ56DFe of the subsurface water (0.58‰ at 99m depth) is significantly different 
from the assumed atmospheric signature, ~0.1‰ (Beard et al., 2003b; Waeles et al., 2007).  
The seawater at 99m was sampled in the chlorophyll maximum as indicated by the 
fluorescence profile (Figure 4). Such a sample therefore reflects the impact of the biological uptake 
on the δ56Fe of the surrounding seawater. This sample displays a DFe concentration of 0.06nM and a 
δ56DFe of 0.58‰ (Table 1). The hydrographic parameters suggest this seawater is the result of 
vertical mixing between the above and underlying waters. From the salinity data (we chose the 
salinity which is more conservative than the temperature in surface waters at the equator, see table 
1 and Figure 2) we estimate that this seawater is a mixture of 83% of the underlying water (SPEW at 
140m, of which DFe concentration is 0.20nM and δ56DFe is 0.31‰), and 17% of the overlying water, 
(of which DFe concentration is 0.06nM and δ56DFe is unknown). Assuming that the mixing conserves 
the DFe content, it would yield a DFe concentration of 0.18nM at 99m (before any biological 
consumption), of which 96% would come from the SPEW and 4% from the surface layer. Therefore 
we assume that the δ56Fe resulting from the mixing is the same as that in the SPEW (0.31‰). 
Comparison of the DFe concentration resulting from the mixing (0.18nM) with the DFe concentration 
observed in the 99m sample (0.06nM) suggests that there is a DFe removal of 0.12nM (two third of 
the initial content). Because 99m corresponds to the chlorophyll maximum location, we assume that 
the DFe removal is exclusively due to biological uptake. The biological uptake appears to be 
associated with an isotopic fractionation, as suggested by the difference of δ56DFe between the 
upwelled SPEW water at open ocean station 14 (0,31‰) and the measured surface water at the 
same station (0.58‰). Assuming steady state and that this uptake follows a Rayleigh fractionation, 
equation 2 leads to an isotopic fractionation of Δ56Fephyto-SW DFe=-0.25±0.10‰ (2SD).  
Assuming all the particles at 99m are phytoplankton organisms, the isotopic fractionation 
associated with the biological uptake can also be estimated using the PFe. According a Rayleigh 
distillation model, the PFe can be considered either as an instantaneous product or as a total 
product. Assuming the phytoplankton is not removed from the 99m layer, PFe would correspond to 
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56  of -0.08±0.07‰ (2SD). Although the upwelling tends to 
decrease the flux of settling particles, it appears unrealistic to totally neglect this flux and to consider 
the PFe as the total product. Assuming the phytoplankton is consistently removed from the 99m 
layer, PFe would correspond to the instantaneous product assimilated by the phytoplankton (for a 
very short time). In this case, the isotopic fractionation is the difference between the δ56PFe and the 





56  of -0.13±0.11‰ (2SD). This is consistent with the value 
deduced from the evolution of the DFe pool (-0.25±0.10‰). These isotopic fractionations are small 
and reflect that phytoplankton would favor the uptake of light iron isotopes and that the surrounding 
waters would get heavier as they get depleted. These values are also in agreement with the range of 
|Δ56Fephyto-DFe|<0.32‰, deduced from natural seawater samples in the southern Atlantic Ocean 
(Lacan et al., 2008), and with observations of isotope fractionation during Fe uptake by higher plants 
(Guelke and Von Blanckenburg, 2007). With a better constrained isotopic fractionation induced by 
the phytoplankton uptake in seawater, the use of δ56Fe in a Rayleigh distillation model will allow 
quantifying the flux of settling particles. 
6 Conclusion 
These δ56Fe measurements constitute the first substantial dataset of this kind in the ocean. 
They come from two mid-depth profiles in the western and central equatorial Pacific Ocean. They 
range from +0.01 to +0.58‰ for DFe and from -0.02 to +0.46‰ for PFe. The average measurement 
uncertainty of ±0.08‰ (2SD) allows observing significant variations within these ranges. This 
uncertainty is only 3% of the whole range of variations observed in seawater so far (from -1.82 to 
+0.71‰, John and Adkins, 2010), which suggests that the isotopic composition of the Fe dissolved in 
seawater constitutes a new sensitive tracer of the oceanic iron cycle. In particular, these data provide 
new information about the iron sources and cycle in the equatorial Pacific Ocean. The small δ56Fe 
variations observed in this study suggest the redox conversion is only of minor importance for water 
column processes. The largest δ56Fe variations occur in the vertical and not in the horizontal 
direction. Each water mass appears to have its own isotope composition that is preserved over long 
distances.  
Off  Papua New Guinea (3°S, 144°E), where the dominant iron source is the margin 
sediments, the positive δ56Fe of the dissolved fraction (from +0.06‰ to +0.53‰) indicates that iron 
is not produced by dissimilatory iron reduction (characterized by a very negative δ56Fe) but might be 
released by the non reductive dissolution of sediment particles in seawater. The high sediment 
discharge from local rivers and the flow of strong western boundary currents along the northern 
coast of Papua New Guinea may remobilize the sediments and favor such dissolution. A distinct iron 
isotope signature is found to characterize this sedimentary source : a δ56DFe of +0.37±0.15‰ (2SD, 
n=3) and a Δ56FeDFe-PFe= +0.20±0.11‰ (2SD, n=2) as displayed in the thermocline waters near PNG. 
The general positive trend of the data set emphasizes the role of the non-reductive dissolution of 
sediments in the marine iron isotope cycle. Because there is no evidence of atmospheric, 
hydrothermal and direct riverine Fe inputs in our samples, we did not inform their isotopic signature. 
An overview of the marine iron isotope cycle, from elements of literature and finding of this study, is 
proposed in Figure 5. 
 The hydrodynamic study of the region suggests that the station 28 (off PNG) might be 
considered as the main source of intermediate and thermocline waters to the station 14 (0°N, 180°E). 
Especially for the thermocline waters carried into the EUC, the δ56Fe signatures remain unchanged 
between these two stations, which suggests the DFe found at 0°N, 180°E originates from the Papua 
New Guinea area and furthermore from the non reductive dissolution of the shelf sediments. This 
confirms that the iron feeding the eastern high nutrient low chlorophyll area would originate from 
PNG.  
The dissolved and particulate Fe concentrations are found to decrease between the coastal 
PNG station and the dateline. Assuming that the former station is the source of the waters found at 
the latter station, isotopic fractionations associated with such Fe removal were assessed. They all 
display small values of Δ56Feremoved-SW Fe : -0.30±0.31‰ to -0.18±0.12‰ for scavenging of DFe (2SD) 
and of -0.10±0.04‰ to -0.05±0.31‰ (2SD) for aggregation / settling of particles. The isotopic 
fractionation associated with phytoplankton uptake, estimated at station 14 (0°N, 180°E) in the 
fluorescence maximum, is found to be characterized by Δ56Fephyto-DFe=-0.25±0.10‰ to -0.13±0.11‰ 
(2SD). Phytoplankton would slightly favor the uptake of light iron, thereby making the DFe pool 
heavier. These estimations have to be considered cautiously and need to be further constrained. The 
limited extent of these fractionations within the water column may facilitate the use of iron isotopes 
as a tracer of DFe sources in the ocean. 
This first study illustrates the powerful potential of the Fe isotope composition in seawater as 
a new tracer of the oceanic Fe cycle. In order to improve our understanding of this new tracer, we 
need to continue documenting the δ56Fe in the ocean and in the iron sources, and to identify phase 
exchange processes which fractionate iron isotopes in the water column (from measurements of the 
dissolved and particulate phases in realistic oceanic condition). The multi-tracer approach should be 
especially helpful to inform the behavior of the iron isotopes in seawater. 
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Table 1: Isotopic compositions and concentrations of dissolved and particulate Fe (from this study) 
and their corresponding sampling information and hydrographic parameters (from the EUCFe 
website, ) at station 14 and 28 of the EUCFe cruise (2006). The 2SE is the internal precision of each 
isotopic composition measurement (at the 95% confidence level). The measurement uncertainty is 

















Station 28, cast TM56, 09/28/2006, bottom=2256 m
10 40 27,77 34,67 181,32 22,22 - 0,89 0,53 0,06 32,19 - -
8 94 26,51 34,87 170,82 22,77 a 0,45 0,36 0,06 4,64 - -
a 0,45 0,44 0,08
mean 0,45 0,40
7 191 18,9 35,49 131,45 25,42 SPEW b 0,67 0,45 0,08 6,97 0,29 0,06
b 0,67 0,42 0,08
mean 0,67 0,43
5 321 12,88 35,02 147,61 26,43 13CW - 0,77 0,29 0,06 7,78 0,05 0,07
2 799 5,48 34,50 143,18 27,22 AAIW b 1,46 0,07 0,08 9,63 -0,02 0,09
b 1,46 0,08 0,08
b 1,46 0,02 0,07
b 1,46 0,06 0,07
mean 1,46 0,06
Station 14, cast TM28, 09/10/2006, bottom=5260 m
12 14 30,35 34,66 183,30 21,35 - 0,06 - - 0,41 0,26 0,07
10 99 29,41 35,39 182,62 22,22 - 0,06 0,58 0,07 0,47 0,46 0,07
8 140 22,27 35,54 125,99 24,55 SPEW - 0,20 0,31 0,08 0,58 0,14 0,08
6 198 14,75 34,83 129,79 25,90 13CW a 0,54 0,39 0,10 1,39 0,14 0,07
a 0,53 0,40 0,06
mean 0,53 0,40
4 400 9,24 34,68 57,64 26,83 AAIW - 0,61 0,01 0,06 0,87 0,15 0,08
2 849 5,34 34,54 75,58 27,27 AAIW a 0,57 0,22 0,04 0,51 0,27 0,09


















(*) a indicates that the separation into several replicates has been performed before the chemical processing whereas b indicates that the 





















Figure 1 : Locations of stations 14 and 28 (EUCFe cruise, 2006) and main currents between  0 and 
1000m depth (adapted from Butt and Lindstrom, 1994) : the South Equatorial Current (SEC), the 



























































Figure 2: A) Potential temperature () - salinity diagram. Potential density () are shown (in kg.m
-3). 
B) dissolved oxygen concentration profiles for station 14 (in grey) and station 28 (in black). The 
samples presented in this study are indicated by symbols and their depths are reported (in meters).  
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Figure 3: δ56Fe (A) and Fe concentration (B and C) in dissolved and particulate fractions of seawater 
from station 14 and 28, versus potential density. In A, the grey area indicates the crustal value 
(0.07±0.02‰, 2SD ; Poitrasson, 2006). In B and C, the error bar is smaller than the symbols. Depths 
are indicated in B next to the data points. The large grey areas locate roughly the density of the 
water masses (SPEW, 13CW, AAIW; see text for details) and the equatorial undercurrent (EUC). 




















56DFe ≈ -0.7 to -0.1‰ d
Dissolved Fe inputs  
Dissolved and particulate Fe inputs
River waters :
56DFe= -0.6 to +0.4 ‰ a
56PFe= -0.9 to +0.3 ‰ b
Biological uptake
Δ56Fephyto - DFe= -0.25±0.10 ‰
to -0.13±0.11 ‰ f
Fe removal in seawater
Δ56Ferem DFe – SW DFe= -0.30±0.31 ‰ to -0.18±0.12 ‰ 
f
Δ56Ferem PFe – SW PFe = -0.10±0.04 ‰ to -0.05±0.31 ‰ 
f
Sediments : 
dissimilatory iron reduction 
56DFe = -3.3 to -1.7 ‰ c
non reductive dissolution 
56DFe ≈ +0.37 ‰ f




56PFe ≈ +0.1 ‰ e
 
a
 Bergquist and Boyle, 2006 ; De Jong et al., 2007; Escoube et al., 2009 
b Beard et al., 2003b ; Bergquist and Boyle, 2006 ; Ingri et al., 2006 ; Escoube et al., 2009 
c Severmann et al., 2006; Homoky et al., 2009 ; Severmann et al., 2010. These 56Fe were observed in sediment pore waters and 
benthic chambers in reducing environments.  
d Sharma et al., 2001 ; Beard et al., 2003b ; Rouxel et al., 2008 
e Beard et al., 2003b ; Waeles et al,. 2007  
f this study 
 
Figure 5 : Schematic representation of the iron isotope cycle in the ocean inferred from literature 
and from this study. The isotopic signatures of the main iron sources to seawater are represented. 
Estimates of the isotopic fractionations (in Δ56Fe notation) associated with biological uptake and Fe 
removal in the water column are also shown but they have to be considered cautiously. See the 
discussion for more details. 
